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Abstract. This paper explores the 
role that measurements of changes 
in atmospheric oxygen, detected 
through changes in the O2/N 2 ratio 
of air, can play in improving our 
understanding of the global carbon 
cycle. Simple conceptual models 
are presented in order to clarify 
the biological and physical 
controls on the exchanges of 02, 
CO2, N2, and Ar across the air-sea 
interface and in order to clarify 
the relationships between 
biologically mediated fluxes of 
oxygen across the air-sea interface 
and the cycles of organic carbon in 
the ocean. Predictions of large- 
scale seasonal variations and 
gradients in atmospheric oxygen are 
presented. A two-dimensional model 
is used to relate changes in the 
ecosystems, the thermal ingassing 
and outgassing of seawater, and the 
burning of fossil fuel. The 
analysis indicates that 
measurements of seasonal variations 
in atmospheric oxygen can place new 
constraints on the large-scale 
marine biological productivity. 
Measurements of the north-south 
gradient and depletion rate of 
atmospheric oxygen can help 
determine the rates and geo- 
graphical distribution of the net 
storage of carbon in terrestrial 
ecosystems. 
INTRODUCTION 
With recent developments it is 
now feasible to measure variations 
02/N 2 ratio of air to the sources of in the oxygen content of the 
oxygen from terrestrial and marine atmosphere at the parts per million 
level. Regular measurements of 
changes in atmospheric O 2 are 
Copyright 1993 currently being made at a number of 
by the American Geophysical Union. locations around the world using 
two independent techniques, one 
Page number 92GB02733. based on interferometry [Keeling, 
0856-6236/93/92GB-02733510.00 1988b; Keeling and Shertz, 1992] and 
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one based on stable isotope mass 
spectroscopy (Bender, manuscript in 
preparation, 1992). The motivation 
for these programs is that oxygen 
measurements can inform us about 
fundamental aspects of the global 
carbon cycle. This paper explores 
the relation between the observable 
variations in atmospheric oxygen 
and the fluxes of carbon which 
control these variations so that 
the forthcoming oxygen data can be 
rapidly incorporated into the 
growing body of data on the global 
carbon cycle. 
On time scales less than many 
thousands of years, variations in 
atmospheric O 2 are controlled 
primarily by chemical reactions 
which produce or consume organic 
matter. Geochemically important 
reactions involving organic carbon 
include- (1) the photosynthesis and 
respiration by land biota, 
described schematically as 
(3.) CO 2 + H20 • CH20 + 0 2 
where CH20 represents the 
approximate composition of 
terrestrial organic matter 
(actually, the ratio of O 2 
production to CO 2 consumption 
averages about 1.05 [Keeling, 
1988] ) , (2) the photosynthesis and 
respiration of marine biota, 
described by 
106CO•. +16NO• +H•.PO•+17H + • 
C106H2630•0N•6P + 13802 
where C106H2630110N16P represents the 
approximate composition of marine 
organic matter [Redfield et al. 
1963], and (3) the burning of 
fossil fuels, described by 
Y) O•. • •H•.O + CO•. (3) CHy + (1+• 
where CH represents the average 
composition of fossil fuels. 
Through these reactions, sources of 
O 2 are stoichiometrically linked to 
sinks of CO 2 and vice versa, 
although the O2:C ratio depends 
somewhat on the composition of the 
organic matter. A summary of the 
oxygen cycle which emphasizes these 
links with organic carbon is shown 
in Figure 1. 
While the above reactions are the 
dominant sources and sinks of 02, 
additional chemical reactions 
influence the abundance of 
atmospheric CO 2. The geochemistry 
of CO 2 differs qualitatively from 
that of O 2 because CO 2 reacts with 
water to form carbonic acid which, 
in turn, can react with basic 
compounds such as carbonate ions. 
As a result, the oceans are a major 
reservoir of CO 2 but only a minor 
reservoir of O 2 (see Figure 1). 
Also, the upper ocean equilibrates 
with respect to O 2 on a time scale 
of a few weeks but equilibrates 
with respect to CO 2 on a time scale 
of a year or more [Broecker and 
Peng, 1974; Broecker and Peng, 
1982]. The different oceanic 
behavior of O 2 and CO 2 means that 
variations in O 2 contain information 
on the global carbon cycle which is 
not contained in variations of CO 2 
alone. 
One important application of O 2 
measurements will be to constrain 
rates of biological new production 
in the oceans on the basis of 
seasonal variations in atmospheric 
02; another application will be to 
constrain sources and sinks of 
carbon from terrestrial ecosystems 
on the basis of interannual trends 
and gradients in atmospheric 02 . 
These two applications are explored 
in more detail in the remainder of 
this paper. 
Throughout this paper we express 
variations in atmospheric oxygen in 
terms of relative changes in the 
O2/N 2 ratio. Thus we define 
6 (•/N 2) Der meg = (4) 
( % / N2 ) reference 
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Fig. 1. Schematic representation of 
the global oxygen cycle showing 
short-term and long-term sources 
and sinks and coupling with the 
carbon cycle in •nits of 1015 moles 
and 1015 moles yr- . Oxygen fluxes 
and reservoirs are denoted by solid 
lines and solid boxes, 
respectively. Organic fluxes and 
reservoirs are denoted by dashed 
lines and dashed boxes, 
respectively. Organic matter is 
fully oxidize the material. 
Organic reservoirs and fluxes are 
adapted from Bolin [1983] and may 
differ from values used for our 
subsequent calculations. Here 
"export" production refers to the 
net downward flux of organic carbon 
at the base of the seasonal 
thermocline. Advective fluxes of O 2 
in the ocean are consistent with a 
1000-year turnover time for the 
intermediate and deepwater 
expressed in terms of O 2 equivalent, reservoir. Other fluxes are 
i.e., the amount of O 2 required to consistent with Keeling [1988a]. 
40 Keeling et al.' Atmospheric Oxygen Measurements 
where the units "per meg" refer to 
a one millionth change in a ratio. 
In these units,1/0.2095 = 4.8 per 
meg is essentially equivalent to 1 
ppmV because oxygen comprises 
20.95% of air. By equivalent we 
mean, for example, that the 
conversion of 1 ppmV of CO 2 into O 2 
would increase the O2/N 2 ratio of 
the sample by 4.8 per meg. Note 
that we intentionally avoid mole 
fraction units for describing 
changes in atmospheric O 2 con- 
centration because the O 2 mole 
H dC = -F + H dP (5) 
dt dt 
where H is the mixed layer depth in 
meters, C is the mixed la•er 
concentration in moles m ,F is the 
net flux from the mixed l•/er •to 
the atmosphere in moles m day , 
and dP/dt is the biological source 
or sink of the species in moles m 
-1 
day (P represents the number of 
moles which has been added to or 
removed from the mixed layer by 
biological activity since the 
fraction is sensitive to variations 
in trace gases (especially CO2) when Air-sea gas exchange is 
these are included, as is normally 
the case, in the definition of 
whole air. 
The remainder of this paper is 
organized as follows- Section 2 
presents concepts needed to 
understand the controls on 
exchanges of O 2 between the 
atmosphere and the ocean; section 3 
presents estimates of the sources 
and sinks of atmospheric O 2 from 
both marine and terrestrial 
processes and uses these to predict 
the atmospheric O2/N 2 variations 
using a two-dimensional transport 
model; section 4 discusses 
application of atmospheric O2/N 2 
measurements for constraining 
oceanic new production and net 
carbon exchanges with terrestrial 
ecosystems. 
m -3 beginning of the year in moles ). 
2. OCEANIC PROCESSES 
2.1. Air-Sea Gas Exchanqe 
We begin with a simple conceptual 
model illustrating the controls on 
exchange of CO2, 02, N2, and Ar 
across the air-sea interface. The 
model consists of a single well- 
mixed ocean box corresponding to a 
mixed layer with a constant depth 
of 80 m and a single well-mixed 
atmospheric box corresponding to 
the overlying atmospheric column. 
The mixed-layer concentration of a 
given species is governed by the 
equation 
parameterized according to 
F = K(C - Ceq) (6) 
where K is the gas exchange 
velocity in meters per day and Ceq 
is the concentration of C in 
equilibrium with the atmosphere. 
Combining (5) and (6) and sub- 
tracting HdC•q/dt from both sides 
yields 
d(C-Ceq) _ K(C Ceq) + dP dCeq dt H dt dt 
(7) 
which shows that saturation 
anomalies are dissipated with an 
exchange time constant of H/K. The 
last two terms account for the 
effects of biological and thermal 
forcing, respectively. The latter 
term also includes the effects of 
changes in Ceq due to changes in the 
atmospheric partial pressure of the 
species. In our analysis, however, 
we neglect this second-order effect 
by assuming that Ceq varies only 
because of temperature variations 
in the water. 
In order to apply the model to 
CO2, we must account for the 
reactions between dissolved CO 2 and 
bicarbonate and carbonate ions. 
Mass balance requires that the 
sources and sinks of carbon dioxide 
from marine biological activity and 
air-sea exchange are matched by 
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corresponding changes in total carbonate in seawater slow down the 
dissolved inorganic carbon (DIC), equilibration time for CO 2 by about 
defined as the sum of dissolved CO2, a factor of 12 to 20 compared to 
bicarbonate, and carbonate. Mixed- 
layer DIC has a well defined 
equilibrium level with respect to 
atmospheric CO 2 which depends on 
temperature, salinity, and 
alkalinity. It is therefore 
possible to express the air-sea 
exchange rate of CO 2 directly in 
terms of the disequilibrium of DIC. 
Writing (6) for CO2, we have 
Fco2 = Kco2([C02] _ [CO2]eq) (8) 
For small deviations from 
equilibrium (appropriate over a 
seasonal cycle), this can be 
written 
/ • [ CO2] ) ([DIC]-[DIC]eq) Kcø2  DIC][• , m 
(9) 
where[DIC]eq is the concentration of 
DIC in equilibrium with atmospheric 
CO 2 at the mixed layer temperature, 
salinity, and alkalinity. We can 
thus define an effective exchange 
constant for DIC given by 
KDIC = Kcø• 8 [DIC] [an•, T (lo) 
The magnitude of the thermodynamic 
partial derivative depends on the 
buffering capacity of seawater and 
is closely related to the Revelle 
Factor, R, where 
R = [DIC] (•[CO•.] I  CO 2 ] • [DIC] IaAa, T (11) 
(see, e.g., Broecker and Peng 
[1982]). Over a typical range of 
surface ocean conditions 
(•[C02]/•[DIC])[•, T varies from 0.05 
to 0.08. Accordingly, the 
reactions with bicarbonate and 
other gases. It is for this reason 
that, on short time scales, the 
exchange of atmospheric CO 2 with the 
ocean is generally much less 
significant than the exchange of 02 
[Broecker and Peng, 1982; Keeling 
and Shertz, 1992]. 
2.2. Mixed-Layer Processes 
The driving forces for air-sea 
exchange of CO 2 and 02 can be 
readily explored using the simple 
mixed-layer model developed above. 
To account for seasonal variations, 
we represent the biological and 
thermal forcing as simple 
sinusoidal functions 
Ceq =a Tsin(•t-• T) + • (12) 
P = ap sin (• t-•p) + const (13) 
or equivalently 
dP = •p •) cos (• t-•p) dt (•.4) 
where •p and a T represent the 
amplitudes of the biological and 
-3 
thermal forcing in mole m , • is 
the annual-mean equilibrium 
concentration, 1/• is (365 days)/2• 
= 66 days, and •p and •T are the 
phase lags of the biological and 
thermal forcing relative to Jan. 1, 
respectively. 
Equations (7) through (13) can be 
solved analytically. The solution 
for the mixed-layer concentration 
for biological or thermal forcing 
alone has the form where 
(15) 
C-Ce= - •Hf•cos((t_tla 9) -•)) K 
where 
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f=l + ; •7•- - • 
(3.6) 
where • and • refer to the 
amplitude and phase of either the 
biological or the thermal forcing. 
The time-integrated air-sea flux, 
which is the same as the change in 
the atmospheric reservoir, has the 
form 
• (3.'7) 
f F dt / = H f • • sin(• (t- tim 9) -•) 
o 
If both biological and thermal 
forcing are present, then the 
solution is simply given by the sum 
of solutions for biological and 
thermal forcing alone. The 
parameter f is a measure of how 
efficiently the gas equilibrates 
with the atmosphere. For a rapidly 
equilibrating gas, f approaches 
unity, while for a slowly 
equilibrating gas f approaches 
zero. The term tla • (days) is a 
measure of the delay between maxima 
(or minima) of the fo•-cing and the 
response. 
The values taken for the 
biological and thermal forcing 
parameters are summarized in Table 
1. These values were chosen to be 
representative for temperate 
waters. We assume that the 
sinusoidal form of the biological 
forcing takes account of the 
following processes: In the spring 
and summer, nutrients which were 
brought into the mixed layer by 
convection during the previous 
winter are consumed by photo- 
synthesis, and this produces 
organic carbon which sinks and is 
oxidized in deeper waters. The net 
photosynthesis leads to the 
production of oxygen and con- 
sumption of carbon dioxide from the 
mixed layer. In the fall and 
winter, the rate of vertical mixing 
between the mixed layer and the 
deeper waters increases, and 
because the deeper waters are 
depleted in oxygen and enriched in 
inorganic carbon, the mixing 
removes oxygen and adds inorganic 
carbon to the mixed layer. Thus, 
although the model does not 
explicitly account for vertical 
mixing between the mixed layer and 
deeper waters, this mixing is 
implicitly included in the 
biological source/sink term. 
We first consider the case in 
which temperature is constant and 
the only forcing is due to 
biological activities. The changes 
in O 2 and CO 2 in the atmosphere and 
mixed layer, for this case, are 
shown in Figure 2. Because air-sea 
exchange of O 2 is efficient, changes 
in dissolved O 2 closely follow the 
form of biological production with 
a lag of tlag= 22 days. This lag 
can be rationalized by noting that, 
when the biological source switches 
from positive to negative at the 
end of September, there is a 
residual supersaturation of O 2 as a 
result of production which occurred 
over the previous few weeks, and 
this residual supersaturation 
continues to drive an O 2 flux into 
the atmosphere. The changes in 
dissolved O 2 reflect only a small 
fraction of the actual biological 
production, the bulk of which is 
exchanged into the atmosphere. The 
cycle in atmospheric O 2 peaks 3 
months (1/4 cycle) after the 
maximum in dissolved 02 . The finite 
barrier to air-sea exchange for O 2 
has little impact on the amplitude 
of the cycle in atmospheric 02, 
which is only 7% smaller 
(l-f= 0.07) than what would be pre- 
dicted assuming infinitely rapid 
air-sea exchange of 02 . Thus, to a 
close approximation, the changes in 
atmospheric O 2 reflect the time- 
integral of the net biological 
source for O 2 in the mixed layer. 
The finite barrier to air-sea 
exchange, however, has a 
significant impact on the phasing 
of the atmospheric O 2 cycle, which 
lags by tla• = 22 days what would be 
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TABLE 1. Model Forcing Parameters 
43 
Atmospheric mole fraction a 
•, dissolution 
concentration (•mole/kg) 
•T' thermal source b (•mole/kg) 
•T' phase of thermal 
source 
DIC O• N• Ar 
0. 00034 0. 2095 0. 7808 0. 00938 
2077 248.5 453.0 12.5 
-17.0 -9.9 -16.2 -0. 483 
0 0 0 0 
•p, biological source 
(•mole/kg) c 
•p, phase of biological 
source 
Diffusivity (10 '5 cm2/sec) 
K, exchange Vel. (m/day) 
H/K, exchange time (days 
f, fractional equil. g 
•lag, lag time (days) g 
Amplitude of integrated 
air-sea flux due to 
+2 øC change (moles m') 
Amplitude of integrated 
air-sea flux due to 
+22 •mole/kg biological 
uptake of DIC (moles m'2) •
22.0 -28.6 0 0 
0 0 0 0 
1.45 1.97 2.14 1.94 
0.203 3.50 3.64 3.47 
395 22.9 22.0 23.1 
0.144 0.928 0.933 0.929 
82.7 21.8 21.0 22.0 
0.196 0.738 1.211 0.0358 
0.253 2.69 0 0 
øFrom Keeling [1988a]. The value in the DIC column refers to 
atmospheric CO 2 mole fraction. 
bAssumes that the mixed layer temperature has an annual range of 13 to 
17øC with a maximum on Oct. 1 and a minimum on April 1. Coefficients 
are calculated using solubility data for 02, N2, and Ar from Weiss 
[1970], using data for DIC from Peng et al. [1987], assuming one 
atmosphere total pressure, a salinity of 34.5 per mil, and an alkalinity 
of 2330 •eq/kg. 
CAssumes that 44 •mole C/kg are removed between April 1 and Sept. 31 
and the same amount is replenished between Oct. 1 through Mar. 31. 
Assumes that alkalinity is constant throughout the year, and a assumes 
standard Redfield 02:C ratio of 1.30'1. 
dData under DIC column is for CO 2 from J•hne et al. [1987]. For 02, 
N2, and Ar the dara are from Wise and Houghton [1966]. 
eCalculated assuming an exchange velocity for CO 2 of 3 m/day. Value 
for DIC is calculated by scaling by 0.0676 (see text); values for 02, N2, 
and Ar are calculated by scaling the value for CO 2 according to the 
square root of the diffusivity. 
fAssumes a mixed layer depth of H=80m. 
•Formulas are given in text. 
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Fig. 2. Changes in the composition 
of the mixed layer and atmosphere 
in response to forcing by 
biological activity and temperature 
changes within the mixed-layer, 
based on a two-box model (see text) 
for the northern hemisphere. Shown 
are the changes in atmospheric Oz, 
atmospheric COz, dissolved 02, 
dissolved inorganic carbon (DIC), 
CO 2 partial pressure in the mixed 
layer, and mixed-layer temperature. 
Dissolved O 2 is expressed as a 
saturation anomaly. On the left 
axis, the compositional changes are 
given in units of moles per square 
meter of sea surface. One the 
right axis the changes are 
expressed in concentration units, 
for example, per meg, ppmV or •mole 
1 'l. Forcing by marine biology only 
(i.e., temperature constant). 
Shown are the effects on 
atmospheric O 2 of assuming 
infinitely rapid air-sea exchange, 
and the effects on DIC of assuming 
infinitely slow air-sea exchange. 
With infinitely slow exchange, the 
changes in DIC simply reflect 
biological addition and removal of 
carbon, i.e. the changes reflect 
the term P in Equation (13). 
Forcing by temperature only (i.e., 
no biology). Shown are the effects 
on atmospheric O2/N 2 when only the 
O 2 flux is included, the effect on 
O2/N 2 when both the 02 and N 2 flux 
are included, and the effect on 
O2/Ar when both the O 2 and Ar flux 
are included. (C) Forcing by both 
marine biology and temperature. 
predicted assuming infinitely rapid 
air-sea exchange of O 2. 
The changes in atmospheric 02 are 
mirrored by changes in DIC in the 
water which, because air-sea 
exchange of CO 2 is very inefficient, 
also closely follow the time 
integral of the net biological 
production. The model indicates 
that the changes in DIC are 
scarcely different from what would 
be predicted assuming infinitely 
slow exchange for CO 2. The 
principal effect of air-sea 
exchange of CO 2 on DIC is to shift 
the phasing of the changes in DIC 
earlier by about 8 days relative to 
what is expected in the case of 
zero air-sea exchange. This shift 
reflects the fact that tlag is 
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slightly less than 3 months (1/4 
cycle), the lag which would be 
expected for a gas with infinitely 
slow air-sea exchange. 
Comparing the atmospheric and 
mixed-layer changes in O 2 and CO2, 
we see that the bulk of the oxygen 
nearly equal, the Ar degassing 
nearly perfectly cancels out the 
effect of O 2 degassing on the O2/Ar 
ratio. This suggests that it may 
be advantageous to measure both 
O2/N 2 and O•/Ar ratios, as the 
combination will allow thermal and 
signal is in the atmosphere while biological fluxes to be 
the bulk of the CO 2 signal is in the distinguished. 
water. Significantly, the amplitude In the final example, we consider 
of the change in atmospheric 02, the case combining both biological 
expressed in moles m , is more than and thermal forcing (Figure 2). 
10 times greater than that for CO 2. For O2/N2, the biological and 
The phasing of the atmospheric thermal f uxes are in phase with cycles is such that the drawdown in 
atmospheric CO 2 lags the rise in O 2 
by 61 days, the difference between 
tlag for CO 2 and tlag for 02. 
Next, we consider the case where 
there is no biological activity, 
and the only forcing is due to 
seasonal temperature changes. The 
resulting change• are shown in 
Figure 2. Again, the changes are 
partitioned such that O 2 variations 
are predominantly in the atmosphere 
while the pCO 2 variations are 
primarily in the mixed layer. The 
amplitude of the change in atmos- 
pheric O 2 is 4 times greater than 
the change in atmospheric CO 2 on a 
moles m bas!s. However, the 
temperature changes also induce 
air-sea fluxes of N 2 and Ar which 
affect the observable 02/N 2 and 
O2/Ar ratios. The relative fluxes 
of 02, N2, and Ar depend primarily 
on their relative abundances in 
seawater. Whereas the relative 
abundance of N2:O2:Ar in air is 
78:21:1, their relative concen- 
trations in saturated seawater are 
about 36'20:1. During warming, the 
gases are released from seawater 
roughly in proportion to their 
dissolved concentrations. The 
effect of this release, then, is to 
leave the O2/Ar ratio virtually 
unchanged, while causing the O2/N 2 
ratio to rise. The thermal N 2 
degassing reduces the change in the 
each other and combine to yield a 
change in atmospheric O2/N 2 which is 
15% greater than the biological 
effect alone. For atmospheric 
the biological and thermal effects 
are diametrically out of phase and 
virtually cancel each other. Of 
course, this cancellation is 
entirely dependent on our choices 
for the magnitudes and phasing of 
biological and thermal forcing. On 
the other hand, recent measurements 
of the CO 2 partial pressure in 
surface waters [Takahashi et al., 
1991] indicate that, between summer 
and winter, biological and thermal 
effects on CO 2 tend to partially 
cancel over much of the ocean 
surface. Incidentally, this 
suggests that our assumption that 
3.5 mole m of carbon are removed 
seasonally by biological activity 
is quite reasonable. 
To summarize, we have shown, on 
the basis of a simple model, that 
(1), as has been long recognized, 
the inorganic chemistry of CO 2 in 
seawater greatly suppresses 
seasonal air-sea exchange of CO 2 as 
compared to 02, (2) as a result, 
marine biological activity produces 
significant variations in atmos- 
pheric O 2 without producing 
comparable changes in atmospheric 
CO2, and (3) marine temperature 
changes tend to augment the 
O2/N 2 ratio to 56% of what one would biological O 2 flux and offset the 
expect from the thermal O 2 flux small biological CO 2 flux. Although 
alone. Because the solubilities our model vastly oversimplifies the 
and diffusivities of Ar and O 2 are processes occurring in the upper 
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ocean, we expect that these 
conclusions will be generally 
valid. 
2.3. Water-Column Processes 
The sources and sinks for O 2 and 
CO 2 in the mixed layer and deeper 
waters are directly coupled to 
rates of production, transport, and 
remineralization of organic matter 
throughout the water column. The 
coupling is illustrated in Figure 3 
which examines the fate of 100 
units of organic carbon produced in 
the euphotic zone. We will adopt 
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Fig. 3. Schematic representation of 
oceanic oxygen cycle and organic 
carbon cycle. There is a net long- 
term burial of 0.04 units of 
organic carbon which results in a 
net flux of 0.04 units of oxygen 
into the atmosphere. This flux is 
presumably balanced by weathering 
of sedimentary rocks. 
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units such that 100 arbitrary units 
of organic carbon produced cor- 
respond to 100 units of O 2 produced. 
Values adopted for the fluxes are 
suitable for illustration but in 
practice these values vary greatly 
both in space and time. In the 
diagram there are six reservoirs: 
the atmosphere, the euphotic zone, 
the base of the seasonal thermo- 
cline, the main thermocline, the 
deep ocean, and the sediments. As 
formulated here, the mixed layer 
and seasonal thermocline are 
distinct in summer; in the winter- 
time they combine to form one well- 
mixed box. The top of the summer- 
time seasonal thermocline is part 
of the euphotic zone and is a site 
of net autotrophy. The base of the 
summertime seasonal thermocline is 
part of the aphotic zone, and a 
site of net heterotrophy. The main 
thermocline outcrops to the sea 
surface along isopycnals during 
deep winter convection at temperate 
and subpolar latitudes. The deep 
ocean outcrops along isopycnals 
during winter at polar latitudes. 
There are four general possibil- 
ities for the fate of organic 
matter produced in the euphotic 
zone. First, and most likely, the 
organic matter may be rapidly 
remineralized within the euphotic 
zone. Remineralization of this 
organic matter consumes as muc• O 2 
as was produced during photo- 
synthesis with the result that 
there is no change in the water 
column O 2 concentration and no 
imprint on the atmospheric O 2 
distribution. In our example, 50 
units of O 2 and organic carbon are 
produced in the mixed layer, and 40 
are immediately consumed by 
respiration. Likewise, 50 units 
are produced and 40 are consumed in 
the top of the seasonal 
thermocline. 
Second, organic matter produced 
in the euphotic zone may be oxi- 
dized in the lower region of the 
seasonal (summertime) thermocline. 
This process accounts, for example, 
for the O 2 undersaturation of water 
at 100-150 m depth off Bermuda 
[Jenkins and Goldman, 1985]. The 
production of this organic matter, 
which occurs predominantly in 
spring and summer, is associated 
with a net production of O 2 in the 
euphotic zone. Some of this O 2 
escapes into the atmosphere, some 
is removed from the euphotic zone 
by mixing into deeper waters, while 
some simply accumulates in the 
euphotic zone, accounting for the 
well-known subsurface O 2 maximum 
[e.g., Shulenberger and Reid, 
1981]. Eventually, the accumulated 
O 2 is also lost, either by escaping 
into the atmosphere or by downward 
mixing into deeper water. In fall 
and winter, after the breakdown of 
stratification, O 2 undersaturated 
water from the base of seasonal 
thermocline mixes back up to the 
surface. Upon exposure to the 
atmosphere, this water reabsorbs as 
much O 2 as was exported to the 
atmosphere during the previous 
summer. The production of organic 
matter which is destined to be 
remineralized at the base of the 
seasonal thermocline is thus 
associated with a seasonal cycle 
whereby O 2 is released to the 
atmosphere in the spring and summer 
and O 2 is removed from the atmos- 
phere in the fall and winter. At 
any point on the sea surface, input 
and output of this O 2 component are 
equal when integrated over the 
year. The imprint of these fluxes 
on the atmosphere consists of a 
seasonal variation with a minimum 
in the late winter. In our 
example, 10 units of organic matter 
are oxidized in the base of the 
seasonal thermocline, consuming 10 
units of oxygen. An additional 
three units of oxygen are removed 
from the base of the seasonal 
thermocline by mixing with deeper 
waters. Of the total of 13 units 
removed, eight are replenished 
during the winter outcrop while 
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five are restored by mixing from 
the top of the seasonal 
thermoc!ine. 
Third, some organic matter may 
sink to be remineralized in the 
main thermocline. The production 
of this organic matter within the 
euphotic zone results in a net 
and the outcropping may be 
episodic. In the example, one unit 
of organic matter is oxidized in 
deep water and 0.96 units are 
oxidized in the sediments. 
Together this consumes 1.96 units 
of O 2 from deep water. Additional- 
ly, one unit of O 2 is removed from 
source of O 2 which, again, is partly deep water by mixing with the 
lost to the atmosphere and partly 
lost by downward mixing. Some of 
the O 2 consumed within the main 
thermocline will be imported from 
the atmosphere at a more poleward 
latitude where the thermoc!ine 
water outcrops during the winter- 
time period of deep convection 
[Kawase and Sarmiento, 1985; Glover 
and Brewer, 1988]. The rest of the 
O 2 consumed is restored by mixing 
from above and below. Production 
of organic matter and remineral- 
ization in the main thermocline is 
overlying thermoc!ine. The total 
of 2.96 units removed are all 
replaced during the winter outcrop. 
In summary, the production, 
transport, and consumption of 
organic carbon in the ocean is 
accompanied by fluxes of O 2 across 
the air-sea interface which, in 
turn, cause variability in the O2/N 2 
ratio of air. There is a seasonal 
component to this variability which 
results from export to the atmos- 
phere of O 2 associated with net 
euphotic zone production in the 
thus accompanied by release of O 2 to spring and summer, and import from 
the atmosphere in the subtropical 
and lower temperate latitudes and 
uptake of atmospheric O 2 in winter- 
time in the more poleward temperate 
regions. These fluxes imprint on 
atmospheric O2/N 2 a seasonal vari- 
ation with a minimum in the late 
winter and a north-south gradient 
with higher annual-mean concen- 
trations at lower latitudes. In 
our example, eight units of organic 
matter are oxidized in the main 
thermocline removing eight units of 
oxygen. Four of these eight units 
are replaced durinq the winter 
outcrop, three are replaced by 
mixing from above and one unit is 
restored by mixing from below. 
Finally, throughout the tropics, 
subtropics, and temperate regions, 
some organic matter will sink into 
the deep oceans or into the sedi- 
ments and be oxidized there. The 
the atmosphere associated with 
wintertime deep convection. There 
is also a north-south component to 
the variability in the O2/N 2 ratio 
associated with the poleward 
location of sites where the 
thermocline and deep ocean are 
ventilated. 
2.4. Nutrient Controls 
The O 2 fluxes through the ocean, 
and hence the air-sea O 2 fluxes, are 
driven by the flux of waters into 
the mixed layer which bear 
nutrients needed to support 
biological activity. Waters which 
bear nutrients are generally under- 
saturated in oxygen and therefore 
present to the atmosphere an 
immediate oxygen demand as well as 
a potential oxygen source 
associated with the transport of 
air-sea fluxes of O 2 associated with nutrients. Whether a given oceanic 
these organic matter fluxes are 
qualitatively similar to those 
caused by organic matter recycled 
in the main thermoc!ine. In this 
case, however, the outcropping 
regions are even further poleward 
region is a source or sink of O 2 to 
the atmosphere depends critically 
on the interplay between fluxes of 
oxygen undersaturated water (or 
apparent oxygen utilization (AOU), 
defined as [O2]e•-[02] ) and the flux 
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of nutrients into the mixed layer. 
This interplay can be quantified in 
terms of the pre-formed nutrient 
concentration of the water entering 
the mixed layer. Preformed 
nutrients are the nutrients which 
were present in the water when it 
was last exposed to the surface. 
Operationally, preformed PO• can be 
defined by the equation (Redfield 
et al., 1963): 
[ PO•] pre = [ PO•] - Rpo ::O•_ ß AOU 
where Rpo•:o, - equals the number of 
moles of PO• produced per mole of 
for example, by Equation (18), are 
a conservative tracer of seawater 
which can only be modified at the 
surface. Our analysis shows that 
the changes in preformed nutrients 
at the surface are directly linked 
to air-sea oxygen fluxes. Changes 
in the inventory of preformed 
nutrients in the ocean thus are 
linked via the Redfield ratio to 
changes in atmospheric 02 . The 
regions of the ocean surface that 
have a high surface nutrient 
concentration, for example, high 
latitudes in winter, are generally 
a source of preformed nutrients to 
deeper waters. Such regions 
consumed during remineralization. therefore tend to be a sink for 
We consider two extreme cases. 
In the first, no PO• entering the 
mixed layer is consumed by bio- 
logical activity. The net release 
of O 2 to the atmosphere per unit 
volume of water entering the mixed 
layer is then equal to --AOU. This 
case approximates the case of 
wintertime convection. In the 
second case, all PO• is utilized in 
the production of organic matter. 
In this case, the net release of O 2 
to the atmosphere is equal to the 
production less the AOU demand 
which is given by [PO•]/Rpo•.o2-AOU= [PO•]pzeœ/Rp•:•. There is s•ill a 
net flux of O 2 to the air, but it is 
smaller by an amount equal to the 
AOU. This case approximates the 
situation for oligotrophic waters 
in the summertime. In either case 
the net release of O 2 to the 
atmosphere per unit volume of 
seawater entering the mixed layer 
is stoichiometrically linked to the 
net decrease in the preformed 
nutrient content of the water 
ß 
during its residence in the mixed 
layer. In fact, the pro- 
portionality between the net air- 
sea O 2 flux and the change in 
preformed nutrients can easily be 
shown to hold more generally for 
intermediate cases as well. 
To a close approximation 
preformed nutrients, as defined, 
atmospheric 02 . Conversely, regions 
with low surface nutrient concen- 
tration, for example, oligotrophic 
gyres in summer, tend to be a net 
sink for preformed nutrients mixing 
up from deeper waters. Such 
regions tend to be a net source for 
atmospheric 02 . These points are 
illustrated in Figure 4. 
3 . PREDICTED ATMOSPHERIC O 2 
VARIATIONS 
3.1. Modelinq Strateqv 
We now turn to the problem of 
estimating the magnitude of the 
variations in the atmospheric O2/N 2 
and O2/Ar ratios which result from 
exchanges with the ocean, exchanges 
with terrestrial biosphere, and the 
burning of fossil fuel. For the 
present we will ignore the 
constraints imposed by the existing 
measurements of atmospheric O 
[Keeling and Shertz, 1992] by 
basing the source estimates on a 
priori specifications of the source 
fields. Comparison of such 
predictions with observations is a 
task for the future. 
Our approach is to construct 
estimates of the fluxes of 
and Ar as a function of latitude 
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Fig. 4. Vertical profiles in 
preformed phosphate, at 52.5øS in 
the western Atlantic Ocean and at 
27.1øS in the western Indian Ocean, 
from Broecker et al. [1985]. At 
52.5øS, preformed phosphate 
decreases with depth to 1000 km 
implying a net downward flux of 
preformed phosphate away from the 
surface and thus a net sink for 
atmospheric O 2 at the surface. At 
27. løS, preformed phosphate 
increases with depth to 1 km 
implying a net upward flux of 
preformed phosphate toward the 
surface and thus a net source for 
atmospheric O 2 at the surface. 
and season, and to compute the 
variations in the atmospheric 
concentration using a two- 
dimensional (latitude and height) 
atmospheric transport model. The 
two-dimensional model is based on a 
set of advection and diffusion 
coefficients derived from the GFDL 
general circulation model [Plumb 
and Mahlman, 1987]. The two- 
dimensional horizontal transport 
has been validated by calculating 
the north-south concentration 
gradients of CFC-12 and 85Kr. 
Vertical transport in the northern 
hemisphere has been calibrated 
using the observed attenuation and 
phase lag of the seasonal cycle of 
CO 2 as a function of altitude. The 
model was originally developed to 
calculate, as a function of time, 
the latitudinal distribution for CO 
sources and sinks consistent with 
several years of CO 2 surface obser- 
vations; it has been described by 
Tans et al. [1989]. To generate 
the oxygen distributions, the 
sources are defined as outlined 
below and the model is run for 3 
years each time, in order to reach 
a steady state. Running the model 
for more than 3 years produces 
essentially the same results. 
The transport model is linear 
with respect to atmospheric 
concentration, and thus we can 
represent the atmospheric 
concentration field as a linear 
combination of fields resulting 
from separate source components. 
We divide the source fields into 
two general categories: (1) 
seasonally varying sources which, 
by definition, are constrained to 
be locally balanced, i.e., the 
annual average of the flux at each 
surface grid location is zero, and 
(2) stationary sources which are 
constant with time at each grid 
location. For example, ocean 
ventilation fluxes of O 2 which 
result in net loss of O 2 from the 
atmosphere at high latitudes, but 
which operate only during winter, 
will contribute both to the 
seasonally varying source field and 
to the stationary source field. 
Our calculations neglect the 
possibility of interannual 
variations in the O 2 sources and 
sinks. 
The atmospheric concentration 
field can be decomposed into an 
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annual-mean field and a seasonally 
varying field for which the annual- 
mean concentration is zero at each 
location. Thus we may consider the 
concentration fields as comprised 
of four general components: (1) 
seasonal fields which result from 
the seasonal sources, (2) annual- 
mean fields which result from the 
stationary sources, (3) seasonal 
fields which result from the 
stationary sources, and (4) annual- 
mean fields which result from the 
seasonal sources. The latter two 
components result from seasonal 
variations in the transport fields. 
All four fields are calculated by 
our model, but we do not discuss 
the latter two components because 
their contribution to the total 
fields is small and because we are 
not confident that they are 
reliably predicted by the transport 
model. 
The transport model is run with 
the following source fields: (1) a 
stationary sink of oxygen due to 
fossil fuel burning, (2) a station- 
ary source or sink due to long-term 
exchanges with the land biosphere, 
(3) a stationary source or sink 
from the ocean surface which is 
related to the north-south trans- 
port of heat within the ocean, (4) 
a stationary source or sink from 
the ocean surface due to marine 
biological activity, (5) a seasonal 
source or sink of O 2 from the 
terrestrial biosphere, (6) a 
seasonal source or sink of 
and Ar due to changes in ocean 
temperature, and (7) a seasonal 
source or sink from the ocean 
surface due to the marine 
biosphere. 
3.2. Stationary Sources 
We calculate the sink of oxygen 
due to fossil fuel burning by 
scaling the fossil fuel CO 2 source 
[Rotty, 51986] for the year 1980 (5.2x101 g C/yr), according to the 
average stoichiometry of combustion 
of 1.42:1 for O2'CO 2. This 
stoichiometry is obtained by using 
stoichiometry for the individual 
fuel types (1.95:1 for gaseous 
fuels, 1.44'1 for liquid fuels, 
1.17'1 for solid fuels, and 1.98-1 
for natural gas flaring [Keeling, 
1988], taking account of relative 
production of different fuel types 
for the year 1980 [Rotty, 1983]. 
The seasonality of combustion is 
minor [Rotty, 1987]. The 
latitudinal distribution of the 
oxygen sink from burning fossil 
fuel is shown in Figure 5. 
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Fig. 5. Showing zonally averaged 
annual-mean oxygen fluxes from 
terrestrial sources and sinks. 
Fluxes from tropical deforestation, 
temperate uptake, and boreal uptake 
are scaled accordin to a toltal CO 2
source/sink of 2x10 g C yr- . 
Fluxes are expressed per unit land 
area. 
Tropical deforestation is 
estimated to contribute to a net 
15 
source of CO 2 of around lx10 
-1 
g C yr [Detwiler and Hall, 1988], 
while uptake from temperate or 
boreal systems may contribute to a 
sink of comparable magnitude. 
However, there is currently con- 
siderable uncertainty surrounding 
the magnitude and distribution of 
changes in carbon storage on land. 
Such changes may be caused by a 
variety of processes including land 
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use changes, climatic change, et al. [1992]. We normalize the 
fertilization from increased CO2, or calculated fluxes so that the 
other agents. We consider three 
scenarios: (1) tropical ecosystems 
are a source of 2x1015 g C yr-', (2) 
temperate ecoasystems are a sink of 2x1015 g C yr- , (3)15boreal systems 
are a sink of 2x10 g C yr -1. The 
first two scenarios correspond 
roughly to scenarios 3 and 5 in the 
work by Tans et al. [1990]. The 
calculations assume a stoichiometry 
global flux is zero by adding a 
constant flux uniformly over the 
sea surface. The latitudinal 
distribution of the annual-mean O z 
source from ocean temperature is 
shown in Figure 6 (curve A). Oz is 
released at the Equator, where 
heating of upwelling waters causes 
thermal effusion, and O• is taken up 
at high latitudes where the 
of 1.05-1 for O•-C. The latitudinal opposite occurs. The effect of 
distribution of the O• fluxes from 
each of these scenarios is shown in 
Figure 5. 
The transport of heat by the 
oceans is accompanied by a trans- 
port of soluble gases, for example, 
O•, Nz, and Ar. Thus when cold 
water from high latitudes is trans- 
ported to low latitudes and warmed, 
gases are released to the atmos- 
phere. Likewise, when warm water 
from low latitudes is transported 
to high latitudes and cooled, gases 
are removed from the atmosphere. 
We compute the corresponding air- 
sea fluxes according to the 
relation 
F= _dC• • 
dT Cp 
(19) 
where F is the net efflux in moles 
m s , dCeq/dT is the temperature 
derivative of the solubility in 
mole m -3 K -1 • is the net air-to-sea 
heat flux (sum of sensible, latent!• 
l•ng, and shortwave fluxes) in J m 
s , Cp is the heat capacity of 
seawater in J m -3 K -1 and where we 
linearized the temperature- 
solubility relation. The approach 
will tend to overestimate the gas 
fluxes because Equation (19) 
assumes that surface waters fully 
equilibrate. For consistency, we 
use the annual-mean heat flux data 
from the ice-free regions as 
derived from the three-dimensional 
ocean model [Toggweiler et al., 
1989], which served as the basis 
for the biological model of Najjar 
this source on the atmospheric O•/N• 
ratio is reduced by a factor of 
0.56 by the compensating thermal 
flux of N• (see the discussion in 
section 2 ) . 
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Fig. 6. Showing zonally averaged 
annual-mean oxygen fluxes from the 
ocean. Fluxes are separated into a 
thermal component related to local 
net heat flow, and a biological 
component related to local 
imbalances between new production 
and ventilation. The total flux is 
the sum of the thermal and 
biological components. Fluxes are 
expressed per unit ocean area. 
The three-dimensional model of 
Najjar et al. [1992] provides 
estimates of net annual-mean air- 
sea oxygen fluxes over a two- 
dimensional grid of the ocean 
surface. This flux field includes 
the biological component from new 
production and aphotic respiration 
as well as the abiological 
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component related to the heat 
fluxes. In order to extract the 
biological component, we subtract 
the fluxes driven by heat flow 
(derived above) from the net fluxes 
calculated by the model. We 
normalize the calculated biological 
fluxes so that the global flux is 
zero by adding a constant flux 
uniformly over the sea surface. In 
terms of the physical premises of 
the three-dimensional model, this 
constant flux represents the small 
fraction of water column 
respiration associated with 
_ 
reduction of NO 3 rather than 02 . 
This annual-mean O 2 source field, 
averaged over latitude bands, is 
shown in Figure 6 (curve B). 
3.3. Predicted Annual-Mean 
Gradients 
Figure 7 shows the north-south 
serves as a reference. The burning 
of fossil fuel occurs predominantly 
in the northern hemisphere, leading 
to a reduction of O2/N 2 of approxi- 
mately 30 per meg in the middle 
latitudes of the northern hemi- 
sphere relative to the southern 
hemisphere. Uptake of 2x1015 g 
C yr- from temperate ecosystems or 
from boreal ecosystems produces a 
gradient opposite to that of fossil 
fuel burning, with an excess of 
approximately 10 per meg at mid 
northern latitudes. Uptake by 
boreal ecosystems is virtually 
indistinguishable from uptake by 
temperate ecosystems except at high 
northern latitudes. Tr•ical 
release of 2x1015 g C yr produces a 
deficiency of only 4 per meg in the 
tropics relative to the poles. The 
relative insensitivity of the 
surface concentration in the 
tropics to the local sources is the 
distribution of atmospheric O2/N 2 at result of the efficient vertical 
the surface resulting from each of 
the stationary sources considered 
in isolation. In this plot, hypo- 
thetical sea level air at 90øS 
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Fig. 7. Gradients in annual-mean 
O2/N 2 produced as a result of 
isolated processes. Fossil burni in 1980; release of 2x1015 gig g C yr 
from terrestrial tropical 
ecosystems; C and D' uptake of 
2x10 • g yr -1 from temperate and 
boreal terrestrial ecosystems, 
respectively ocean meridional heat 
flux; ocean biology. 
mixing. The air-sea fluxes of 
oxygen due to biological processes 
and thermal processes produce a 
small excess in O2/N 2 in the tropics 
relative to the high latitudes. 
Figure 8 illustrates the north- 
south gradient produced when the 
sources are combined under 
different scenarios. The first 
scenario considers only sources 
from fossil fuel and the oceans. 
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Fig. 8. Gradient in annual-mean 
O2/N 2 produced under four scenarios 
for the annual-mean source fields 
(see text). 
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The ocean fluxes have only a minor 
influence on the distribution. The 
second scenario adds 2x1015 g C yr -1 
of tropical deforestation, and this 
only slightly reduces concentra- 
tions in the tropics. The third 
15 
and fourth scenarios add 2x10 g 
yr of temperate uptake and 
15 -1 
2X10 g C ¾r of boreal uptake to 
the fluxes from fossil fuel burning 
and oceanic fluxes. In both 
scenarios the difference in O2/N 2 
between the middle latitudes of the 
northern and southern hemispheres 
is reduced by 10 per meg relative 
to that predicted in the first two 
scenarios. Thus oxygen measure- 
ments with a precision of 5 per meg 
should be able to constrain the net 
uptake of boreal and temperate 
ecosystems to the level of 10 g C 
yr . 
3.4. Seasonal Sources 
The natural seasonal cycle of 
photosynthesis and decay of land 
plants results in a net uptake of 
CO 2 by temperate and boreal eco- 
systems during the late spring and 
summer that is returned to the 
atmosphere throughout the remainder 
of the year, particularly in the 
fall and early spring. We adopt a 
schematic representation of the 
seasonal fluxes which is similar to 
that inferred from CO 2 measurements 
by Tans et al. [1989]. Others have 
examined the problem previously, 
using a variety of approaches 
[Bolin and Keeling, 1963; Pearman 
and Hyson, 1980; Fung et al., 
1983]. We calculate O 2 fluxes from 
the CO 2 fluxes assuming a stoichio- 
metric ratio of 1.05:1 (O2'CO2) for 
the photosynthetic production and 
respiratory destruction of ter- 
restrial biospheric material on a 
seasonal time scale. Note that 
Keeling [1988] estimated an average 
ratio of 1.05:1 for wood and a 
ratio of 1.07:1 for soil organic 
matter. Bloom et al. [1989], in 
experiments examining individual 
barley shoots, found ratios of 
1.0:1 except under conditions of 
high nitrate assimilation which 
caused ratios to vary by as much as 
25%. The seasonal O 2 source fields 
from the terrestrial biosphere, 
averaged over several latitude 
bands, are shown in Figure 9. The 
source fields neglect the small 
contribution from terrestrial 
ecosystems in the southern 
hemisphere. 
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Fig. 9. Seasonal sources and sinks 
of O 2 from exchanges with 
terrestrial ecosystems, shown as 
averages over six latitude bands. 
Fluxes are expressed per unit land 
area. 
We estimate the thermally driven 
fluxes of 02, N2, and Ar across the 
air-sea interface by making the 
approximation that air-sea gas 
exchange is sufficiently rapid that 
dissolved 02, N2, and Ar remain in 
equilibrium with the atmosphere 
over the seasonal cycle. The 
results of the mixed-layer model 
described in section 2 indicate 
that this approximation should 
yield reasonable estimates of the 
gas fluxes. With this approxi- 
mation the local gas flux is 
proportional to the local air-sea 
heat flux. We further assume that 
the local heat flux can be approxi- 
mated by the local change in heat 
storage. Although this appro•i- 
Keeling et al.: Atmospheric Oxygen Measurements 
mation neglects lateral transport, 
it should provide reasonable 
estimates of the seasonal component 
of the heat fluxes when integrated 
over large scales. 
With these assumptions we can 
estimate the gas exchange fluxes at 
any location using Equation (19) 
where Q now refers to the seasonal 
rate of change of heat storage at 
that location. If we had used a 
finite air-sea exchange rate, we 
would estimate fluxes that are 
smaller than those calculated from 
Equation (19). Thus the approach 
yields an upper limit to the air- 
sea fluxes. 
We calculate the seasonal heat 
storage by zonally averaging maps 
from Samuels and Cox [1987]. We 
assume that the temperature 
derivative of the solubility is 
constant at each location, using a 
value appropriate for the average 
sea surface temperature. The 
source fields for 02, averaged over 
six latitude bands, are shown in 
Figure 10. As expected, the 
sources in the tropics are smaller 
than those at higher latitudes. 
The seasonal heat storage in the 
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Fig. 10. Seasonal sources and sinks 
of O 2 from thermally driven air-sea 
exchange, shown as averages of six 
latitude bands. Fluxes are 
computed using solubility data of 
Weiss [1970]. Fluxes are expressed 
per unit ocean area. 
southern hemisphere is smaller, 
when expressed per unit area of sea 
surface, than that of the northern 
hemisphere, and thus the southern 
hemispheric oxygen fluxes are also 
smaller. 
To calculate changes in the 
observable O2/N 2 or O2/Ar ratios, we 
must also account for the thermally 
driven fluxes of N 2 and Ar. As 
discussed in section 2, the flux of 
N 2 partially compensates for the 
flux of O 2 such that the changes in 
O2/N 2 are reduced to 56% of what one 
calculates from the O 2 flux alone. 
The thermal Ar flux almost 
completely cancels out the effect 
of the O 2 flux on the O2/Ar ratio. 
We adopt two highly simplified 
but independent approaches to 
estimating air-sea oxygen fluxes 
driven by marine biological 
activity. In the first approach, 
we estimate the zonally and 
annually averaged O 2 source 
associated with new production, and 
O 2 loss associated with ventilation 
of waters below the euphotic zone. 
These estimates are based partly on 
the three-dimensional ocean model 
of Najjar et al. [1992] and partly 
on empirical data for new produc- 
tion in the northern hemisphere, as 
described in Appendix A. Between 
10øS and 10øN we assume that new 
production and ventilation fluxes 
are constant throughout the year. 
Over the remainder of the globe we 
compute the seasonally varying new 
production and ventilation fluxes 
by multiplying the annual-mean 
values for each latitude by the 
normalized seasonal functions shown 
in Figure 11. These functions 
assume that the new production rate 
is 3 times greater during the 
spring and summer than during fall 
and winter, and the ventilation 
takes place only in the fall and 
winter. We calculate latitudinally 
dependent and seasonally varying O 2 
fluxes to the atmosphere as the 
difference between the O 2 new 
production and the ventilation 
flux. Note that by invoking a 
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representing seasonal variations in 
new production and ventilation used 
for model calculations in the 
MONTH 
northern hemisphere. In the 
southern hemisphere, the functions 
are shifted by 6 months. 
balance between new production, 
ventilation, and air-sea O 2 
exchange, our treatment neglects 
any possible seasonal accumulation 
of O 2 within the euphotic zone. 
Finally, we force the fluxes to be 
locally balanced by subtracting off 
the annual-mean air-sea fluxes at 
each latitude band. The locally 
balanced flux fields, averaged over 
six latitude bands, are shown in 
Figure 12. 
In the second approach to 
estimating the biologically driven 
air-sea fluxes of O 2 we use the 
difference between the pCO 2 of 
surface water in summertime and 
wintertime to estimate the seasonal 
difference in the DIC inventory and 
hence the seasonal net production 
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Fig. 12. Seasonal sources and sinks 
of O 2 due to air-sea exchange driven 
by marine biosphere, shown as 
averages over six latitude bands. 
Sources are based on the "first" 
ocean model (see text). Fluxes are 
of organic carbon and 0 2 . In making expressed per unit ocean area. 
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this estimate, we take advantage of biology and due to air-sea exchange 
recent evidence that pCO 2 of surface of CO 2. 
waters tends to correlate with the We next assume that the seasonal 
surface water temperature 
[Takahashi et al., 1991]. The 
seasonal change in pCO 2 is 
controlled thermodynamically by 
changes in water temperature, DIC, 
and titration alkalinity (ALK): 
•lnPco2= I 81nPcø•- ) 6T+ 8T 
(•lnP• / ( •lnP• / 6 DIC + 6ALK 8DIC T, ALK BALK T, SiC 
where T is the temperature, P•= is 
the partial pressure of CO 2 in the 
water, DIC is total dissolved 
inorganic carbon, and ALK is the 
total alkalinity, and where 
salinity changes have been 
neglected. Both DIC and ALK are 
directly influenced by biological 
activity, while DIC is additionally 
influenced by air-sea exchange of 
CO 2 ß 
To proceed, we first assume that 
the effect of changes in alkalinity 
on pCO 2 is negligible relative to 
changes in DIC. We thus assume 
that the effect of changes on 
alkalinity due to biogenic CaCO 3 
formation and NO3 consumption add 
production cancel each other out. 
This assumption allows us to 
estimate that DIC will covary with 
temperature according to 
dDIC _ dT ode 8T DIC, AL 
dT ( 81nPcø•' ) 8 D I C T, AUC 
where (dlnPco•./d•obs is the observed 
covariation of CO 2 partial pressure 
with temperature. The numerator on 
the right-hand side is the 
contribution to (dlnPco•./d•obs due to 
changes in DIC caused by air-sea 
exchange of CO 2 are negligible 
relative to those caused by 
biology. We further assume that 
dissolved O 2 in the mixed layer 
remains in equilibrium with 
atmospheric 02 . The results from the 
mixed-layer model described in 
section 2 indicate that both these 
assumptions are quite reasonable. 
Together, these assumptions allow 
us to tie the biologically driven O 
flux at a single location to the 
rate of change of heat storage and 
the change of DIC with temperature 
at that location 
dDIC • (22) 
where Ro2:c is the O2-C Redfield 
ratio, and where dDIC/dT is 
calculated from Eq. (21). A formal 
derivation of Eq. (22) is presented 
in Appendix B. Equation (22) 
automatically yields oxygen fluxes 
which are locally balanced over a 
year. Note that, by scaling to the 
heat flux, which is a vertically 
integrated term, Equation (22) 
accounts for O 2 production 
throughout the upper water column. 
The thermodynamic derivatives in 
Equation (21) are calculated using 
the algorithms and thermodynamic 
data from Peng et al. [1987]. The 
thermodynamic derivatives are 
assumed to be constant at each grid 
location using values appropriate 
for the annual-mean temperature. 
The thermodynamic derivatives are 
calculated assuming that surface 
waters contain a constant CO 2 
partial pressure of 340 •atm of CO 2, 
a constant alkalinity of 2350 
•eq kg -1 and a constant salinity of 
34.5 per mil. In fact, the 
derivatives are not very sensitive 
to these assumptions. For 
(dlnPco2/d• we note that this obs ' 
term is largely independent of 
season within certain latitude 
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bands. We thus assume the constant 
value observed for a given latitude 
band at different times of the year 
is equal to the value which would 
be observed for a given site 
repeatedly occupied over a year. 
We take a value for (dlnPco2/d•obs 
of--0.012 øC'1 south of 37øS, a value 
of 0.020 øC'1 from 37øS to 37øN, and 
a value of -0.02 øC'1 north of 37øN. 
These values are suggested by 
recent work of Takahashi et el. 
[1991]. For Ro2:c we take the 
standard Redfield ratio of 138/106. 
The computed source fields for 02, 
averaged over six latitude bands, 
are shown in Figure 13. 
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Fig. 13. Seasonal sources and sinks 
of O 2 due to air-sea exchange driven 
by marine biosphere, shown as 
averages over six latitude bands. 
Sources are based on the "second" 
model (see text). Fluxes are 
expressed per unit ocean area. 
3.5. Predicted Seasonal 
Variations 
The estimates of the seasonally 
varying source fields are now 
inserted into the two-dimensional 
transport model described above in 
order to calculate concentration 
changes in the atmosphere. Figure 
14a and 14b show the components of 
the seasonally varying surface 
concentrations for O2/N 2 at 33øN and 
58øN. The amplitudes of the 
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Fig. 14. Predicted components of 
the seasonal variations in 
atmospheric O2/N 2 ratio. 
"Composite 1" and "Composite 2" 
refer to the total variations 
formed from the sum of all 
components using "first" and 
"second" ocean models, 
respectively, (a) 58øN, (b) 33øN, 
(c) 33øS, and (d) 58øS. 
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seasonal variations driven by 
marine biota, as predicted by the 
first ocean model, which assumes 
global average1 net O 2 production of 
7 moles m yr , are 40 per meg at 
33øN and 50 per meg at 58øN, peak- 
to-peak. These amplitudes are 
nearly as large as those driven by 
terrestrial biota which are 50 per 
meg at 33øN and 70 per meg at 58øN. 
The amplitudes of the seasonal 
variations driven by marine biota, 
as predicted by the second ocean 
model which is based on the 
gradient of mixed layer pCO 2 with 
temperature, are 36 and 38 per meg 
peak-to-peak at 33øN and 58øN, 
respectively. These amplitudes are 
slightly smaller than those 
predicted from the first model. 
The amplitudes of the variations in 
O2/N 2 from ocean temperature changes 
are quite small (9 per meg peak-to- 
peak at both 33øN and 58øN). 
Figures 14c and 14d show the 
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Fig. 15. Same as Figure 14 except 
components of the seasonally for the latitudes (a) 3øN and (b) 
varying concentration fields at 33øS 3øS. 
and 58øS. In the southern 
hemisphere, the seasonal variations 
are dominated by fluxes driven by 
marine biota, with only small 
contributions from terrestrial 
biota and from ocean temperature. 
Here the two models of the fluxes 
from marine biota yield very 
different predictions of the 
atmospheric signals. The seasonal 
component from the first model has 
a peak-to-peak amplitude of about 
predicted in the tropics are 
largely dependent on atmospheric 
transport from poleward latitudes 
because the inferred seasonal 
sources in the tropics are 
relatively weak (see Figures 9, 10, 
12, and 13). The variations from 
sources in the northern and 
southern hemispheres tend to cancel 
each other out in the tropics 
70 per meg with a maximum in late because the sources in the two 
March, while the seasonal component hemispheres are diametrically out 
of the second model is quite of phase with each other. 
irregular with an amplitude of only 
20 per meg peak-to-peak with the 
maximum occurring in January. The 
large discrepancies between these 
two model predictions underscores 
how little is really known about 
air-sea oxygen fluxes at this time, 
particularly in the southern 
hemisphere. 
Figures 15a and 15b show the 
components of the seasonally 
varying concentration fields at 3øN 
ß 
and 3øS. The seasonal O 2 changes 
4. APPLICATIONS OF ATMOSPHERIC O 2 
MEASUREMENTS 
We now return to a general 
discussion of the relationship 
between atmospheric O 2 measurements 
and specific scientific questions: 
(1) What is the magnitude and 
distribution of new production in 
the ocean. (2) What is the net 
source or sink of CO 2 from 
terrestrial temperate ecosystems? 
As summarized in Table 2, these 
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questions can be addressed by atmospheric transport models to 
measurements of three features of distinguish the terrestrial contri- 
the atmospheric 02 distribution: butions to the 02/N 2 variations (see 
seasonal variations, long-term also Keeling and Shertz [1992]). 
changes in atmospheric 02 inventory, The strategy would also employ 
and the north-south gradient in 
annual-mean concentrations. 
4.1. Constraining Oceanic New 
Production 
The calculations in the previous 
section suggest that seasonal 
variations of the order of 50 to 
100 per meg should be a ubiquitous 
feature of the Earth's atmosphere 
at middle and high latitudes. The 
variations in the southern 
hemisphere are predominantly caused 
by biologically mediated air-sea 
exchange of 02; the variations in 
the northern hemisphere result 
mainly from comparable con- 
tributions from terrestrial 
exchanges and air-sea exchanges. 
Our model calculations suggest that 
variations in the tropics will be 
smaller, and away from the tropics 
the amplitude of the seasonal 
variations should vary quite 
smoothly with latitude. Thus the 
dominant features of the atmos- 
pheric variability could be 
resolved with samples collected at 
a modest number of well chosen 
sampling sites. 
The amplitude of the seasonal 
cycles in 02/N 2 contains information 
on rates of new production in each 
hemisphere. To extract this infor- 
mation we must also account for the 
effects of 02 exchanges with ter- 
restrial ecosystems (especially in 
the northern hemisphere), air-sea 
fluxes driven by ocean temperature 
changes, mixing of the 02 signals 
throughout the atmosphere, and on 
the complex interplay between 02 
production associated with new 
model calculations (as above) or 
measurements of changes in atmos- 
pheric 02/Ar ratio to distinguish 
oceanic thermal contributions and 
would employ atmospheric transport 
models to invert the atmospheric 
data to derive large-scale 
estimates of the air-sea 02 fluxes 
induced by marine biology. Such 
flux estimates would place a direct 
constraints new production and 
ventilation fluxes in the upper 
ocean and would be an important 
benchmark for validating global 
three-dimensional ocean models 
incorporating realistic biological 
activity. 
4.2. Constraining the Net 
Terrestrial Carbon Sink 
Schematically, we can represent 
the global budget for atmospheric 
CO 2 according to 
ACO 2 = F - 0 + B 
where A CO2 is the annually averaged 
change in atmospheric C02, F is the 
source of CO 2 from burning fossil 
fuel, O is the oceanic CO 2 sink, 
and B is the net source of CO 2 from 
terrestrial ecosystems (B can be 
positive or negative), all in units 
of moles per year. Likewise, we 
can represent the budget for 
atmospheric oxygen according to 
A• = _pf F _ @b B (24) 
where A O•. is the change in 
atmospheric oxygen, F and B are 
identical to the terms in Equation 
(23) and pf and pB represent the 
production and 02 removal associated 02:C exchange ratio for burning 
the ventilation of deeper waters. fossil fuels and production and 
We envision a strategy which destruction of terrestrial 
would employ measurements of atmos- biomatter, respectively. 
pheric CO 2 and the 13C/12C ratio of There is no term in the oxygen 
atmospheric CO 2 in conjunction with budget which is comparable to the 
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term O in the CO z budget. This is 
because oceanic CO z removal is 
presumed to occur via reaction with 
carbonate ion which does not 
involve O z . Furthermore, because 
the atmosphere contains 100 times 
as much O z as the oceans, the long- 
term decrease in O z partial pressure 
is not buffered by the oceans. 
For purposes of analysis, it is 
convenient to separate the oxygen 
loss from fossil fuel burning 
according to 
pF  = F + H (ZS) 
where F represents the oxygen loss 
due to oxidation of carbon, and H 
represents the oxygen loss due to 
oxidation of all other elements 
(predominantly hydrogen). 
Equations (23) and (24) can be 
estimating pFF [Keeling, 1988]. 
Thus the potential constraint on 
oceanic CO z uptake is tighter than 
the potential constraint net 
biospheric CO z source. 
In formulating the budgets for 
atmospheric O z and CO z in Equations 
(23) and (24), we have neglected 
the effect of ocean ingassing or 
outgassing due to long-term changes 
in ocean temperature, fluxes due to 
weathering and sedimentation, and 
long-term uptake or release of O z by 
the oceans mediated by marine 
biological cycles. These issues 
have been explored in some detail 
by Keeling [1988], and the effects 
are currently believed to be small, 
although more study is needed. The 
role of marine biota in the 10ng- 
term oxygen balance of the oceans 
can be assessed by looking for 
secular changes in the preformed 
solved for the total terrestrial CO z nutrients because any marine 
source: 
B = -(AO•. + pf F)/p, (26) 
Alternatively, Equations (23) 
through (25) can be solved to 
calculate the rate of CO z uptake by 
the oceans: 
(27) 
o = -Aco•. - Ao•. - H +(•-p)B 
The last term on the right of 
Equation (27) should be very small 
because 
These above relations show how 
measurements of A• ,the long-term 
change in atmospheric oxygen, can 
constrain the major fluxes of 
carbon. With sufficiently accurate 
oxygen measurements, the approach 
will be limited by the 
uncertainties in the fossil fuel 
terms in Equations (26) and (27). 
The fossil fuel terms in Equation 
(27) involves smaller uncertainties 
than the fossil fuel terms in 
biological effects on atmospheric O 
should leave a signature in the 
preformed nutrient distribution, as 
mentioned in section 3 (see also 
Peng and Broecker [1984]). 
While measurements of the long- 
term trend in Oz/N z can constrain 
the global net sink of CO z from the 
terrestrial biosphere, comparison 
of the north-south gradients in 
atmospheric Oz/N z and CO z may 
provide additional information on 
the geographical distribution of 
the sink. Net production (positive 
or negative) by the marine or 
terrestrial biospheres will be 
manifested in north-south gradients 
which reflect reaction stoichi- 
ometry, while inorganically 
mediated air-sea exchange of CO z 
will produce CO z gradients which are 
unaccompanied by O z gradients. 
Thus, for example, complementary 
data on the north-south gradients 
in the O z and CO z concentrations of 
air can inform us about growth 
rates of the terrestrial biosphere 
in northern boreal and temperate 
Equation (26) because uncertainties regions and about the nature of 
involved in estimating H are interhemispheric transport of CO z by 
smaller than those involved in ocean circulation. Our model 
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calculations above included 
estimates of the steady state 
effects of both marine biological 
productivity and heat fluxes on the 
north-south oxygen gradient. 
Although these model results 
indicated that the effects are 
quite small, more work is needed on 
this subject. 
The interpretation of the north- 
south gradient in O2/N 2 will ulti- 
mately be limited by uncertainty in 
the rate of fossil fuel burning and 
the rates of interhemispheric 
transport. At present, these 
combined sources of error make the 
prediction of the gradient from 
fossil fuel uncertain at the 10 to 
20% per meg level. This uncertain- 
ty is magnified when evaluating the 
smaller nonfossil gradient in the 
O2/N 2 ratio. 
5. SUMMARY AND CONCLUSIONS 
We have presented a strategy for 
interpreting data on the distri- 
bution of O 2 in air to produce new 
constraints on the global carbon 
cycle. Data on seasonal variations 
in the distribution of atmospheric 
O 2 can be interpreted, using atmos- 
pheric circulation models, to give 
data on air-sea O 2 fluxes. The 
long-term decrease in the O 2 
concentration in air will inform us 
about transient carbon fluxes 
associated with anthropogenic 
perturbations. Specifically, the 
net conversion rate of terrestrial 
biomass to CO 2 is determined from 
the difference between the total 
long-term O 2 decrease and the 
(known) O 2 consumption rate associ- 
ated with the burning of fossil 
fuels. Also, the rate of CO 2 
dissolution in the oceans directly 
related to the difference between 
the long-term O 2 decrease and the 
long-term atmospheric CO 2 increase. 
Finally, the north-south O 2 gradient 
provides a constraint on the dis- 
tributions of net carbon exchange 
by marine and terrestrial eco- 
systems and by fossil fuel burning. 
APPENDIX A 
Our starting point for estimating 
O 2 new production and ventilation 
fluxes is the three-dimensional 
model of Najjar et al. [1992]. We 
use a version of the model which 
assumes that 80% of the organic 
matter exported from the euphotic 
zone is exported as dissolved or 
suspended matter and 20% is 
exported as particulates. The 
model yields estimates of the 
annual-mean export flux of organic 
matter from the euphotic zone, as 
well as the net air-sea O 2 flux. We 
scale the carbon export flux by a 
standard Redfield ratio of 138/106 
to yield an estimates of the new O 2 
production. We zonally average 
these new production and venti- 
lation fields to yield zonally 
averaged fields in 4.5 ø latitude 
bands. The model yields a value 
for the globally averaged export 
flux of organic carbon of 1.9 mole 
C m yr and thus for the globally 
averaged new O 2 production of 2.5 
mole m yr . 
The three dimensional model 
accounts for the carbon fluxes 
associated with nutrients recycled 
from the main thermocline and the 
deep ocean, but because the model 
is nonseasonal, it neglects the 
component associated with nutrients 
recycled from the seasonal thermo- 
cline. We assume that we can 
account for this neglected 
component b• adding an additional 
4.5 mole m'--of new O 2 production 
uniformly over the whole ocean 
surface. This revised field yields 
a total of 7 mole O 2 m yr for 
• production. globally averaged new •2 The value of 4.5 mole fo  the 
neglected component was selected by 
noting that "total" new production 
of O 2 in oligotrophic waters near 
Bermuda is about 5 moles m yr 
[Jenkins and Goldman, 1985] and 
that the global average "total" new 
O 2 production can be expected to be 
somewhat larger than for oligo- 
trophic waters (e.g. around 7 mole 
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m yr ). We use this revised 
field for new 02 production as a 
basis for computing seasonal air- 
sea 02 fluxes, as described in 
section 3.4. 
In order to derive an estimate of 
the ventilation fluxes, we first 
separate the field for the air-sea 
02 flux into thermal and biological 
components, as described in section 
3.2. We derive the appropriate 
ventilation flux field by simply 
subtracting the field for biologi- 
cal air-sea flux from the field for 
"total" new 02 production, derived 
above. 
APPENDIX B 
We present here a more complete 
derivation of Equations (19) and 
(22). We start by defining 
preformed DIC as follows: 
DICpr , = DIC - AOU/Ro2 :c (9_8) 
where R•: c is the "Redfield" 
ratio. Preformed DIC is a 
conservative tracer which is 
unchanged by photosynthesis and 
respiration within the water mass. 
We assume that oxygen is always at 
equilibrium with the atmosphere 
within the mixed layer, or, in 
other words that AOU is zero in the 
mixed layer. This means that there 
is no distinction between DIC and 
preformed DIC within the mixed 
layer. 
We next assume that DIC is 
linearly related to temperature 
within the mixed layer throughout 
the year. This means that the 
tracer •, which we define as 
• = DICpr e - (dDICI AT (9_9) dT ] 
is constant as a function of time 
in the mixed layer. In Equation 
(29), AT is the deviation of the 
temperature from the annual mean 
and (dDIC/d• is the slope of the 
observed relation between DIC and 
temperature. 
Now, since both AT and DiOr o are 
conservative tracers, it follows 
that • is also a conservative 
tracer. Furthermore, since • is 
constant as a function of time 
within the mixed layer it follows 
that • should also be constant and 
independent of time throughout the 
water column. This follows because 
the magnitude of • throughout the 
water column must eventually 
approach, through vertical mixing, 
the constant value that is main- 
tained in the mixed layer. An 
exception to this would be a 
situation where a different value 
of • was horizontally advected from 
a different region of the sea 
surface. This situation is not 
likely to be very significant for 
our purposes here because (1) we 
actually only require that • be 
constant up to the depth over which 
seasonality in temperature, carbon, 
and oxygen is significant, and (2) 
the observations of Takahashi et 
al. [1991] indicate that a single 
linear relation with temperature 
can account quite well for both 
spatial and temporal variations in 
CO 2 partial pressure, from which it 
follows that horizontal gradients 
in • should, in general, be quite 
small. 
From the constancy of • within 
the water column we have 
where the integral is taken from 
the surface to the depth over which 
seasonality is significant. By 
combining Equations (28) and (29), 
the full expression for • can be 
written 
• = DIC+ 1 ([O2]_[O2] (0)) Ro•.: c (3X) 
_ • d [ 0•. ] .q A T T 
Ro• :c dT dT ] 
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In Equation (31) we have made 
explicit the definition of AOU and 
have linearized the solubility- 
temperature relation for 02 . 
Now, the first two terms on the 
right-hand side of Equation (31) 
together define a conservative 
tracer. This tracer can only be 
changed by air-sea exchange of O 2 or 
CO 2 because biological transfor- 
mations yield compensating changes 
in DIC and [02]. Furthermore, in 
our model we assume that the air- 
sea exchange flux of CO 2 is 
negligible compared to that of 02 . 
It follows therefore that 
(:3•t f [02] Fo 2 (32) ( D•C + ) dz = - • Ro2c Ro2 :c 
where Fo2 is the net sea-to-air flux 
of 02 . Finally, substituting 
Equation (31) into Equation (30), 
and using Equation (32), we have 
d[O•.]eq • (dDIC t • =- - / 
(33) 
where the rate of change of heat 
storage Q is given by 
(34) 
where • is the heat capacity of 
seawater. 
Equation (33) is the desired 
result. The first term on the 
right-hand side of Equation (33) is 
the O 2 flux owing to seasonal 
temperature changes while the 
second term on the right-hand side 
of Equation (33) is the O 2 flux 
owing to biological activity. 
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